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ABSTRACT

A simple analytical expression for indexing the orographic precipitation rate over high mountains is presented.
The formula is based upon the assumption that the moisture convergence in the mountainous boundary layer
approximately equals the precipitation. Realistic precipitation distributions are obtained when numerical advection
is permitted for the Himalayas, Equadorian Andes and the Sierra Nevada Mountains in California. In the latter
case the simulated distributions compete well with a fully two-dimensional precipitation model for some unusual
stormy events. Following the model results over high mountains, it is suggested that for the distribution of
precipitation, particularly over the high mountains, the detailed microphysical processes may play a lesser
essential role than that for small to medium size mountains. ]

The elevation of maximum orographic precipitation, z,, is investigated and an analytical expression for z,
is derived for a bell-shaped mountain. This expression predicts z,, values that are in general agreement with
observations. The elevation of maximum precipitation z,, is found to always be shifted to lower levels than the
point of the steepest slope. It is also shown that an upper limit for z,, exists. This upper limit is independent of
the mountain height and is determined mainly by the moisture scale height and the tropospheric scale height.

In addition to the two maxima of precipitation over the Himalayas that have been observed in the foothills
and at about 2-2.4 km, a third unknown maxima is predicted by the theory, This unobserved maxima is
predicted over the Great Himalayan Range at the height of 4 km. Such a maxima, if it exists, could not be
detected due to the lack of enough observations at high elevations.

Dept. of Geophysics and Planetary Sciences, Raymond and Beverly Sackler Faculty of Exact Sciences, Tel Aviv University, Israel

1. Introduction

The distribution of rainfall over mountains has im-
portant applications for agriculture and hydrology. It
becomes evident from the observations that the ele-
vation of any point on a mountain strongly affects the
amount of precipitation at that point. Earlier studies
searched a linear relationship between elevation and
precipitation. Such studies have been carried out by
Donley and Mitchell (1939) in the Southern Appala-
chian region of the United States, Stidd and Leopold
(1951) in Hawaii, Rodda (1962) in England and Rum-
ley (1965) in the Equadorian Andes. One can say that
the correlation coefficient between elevation and pre-
cipitation was generally found to be low, for example,
0.24 for the Andes (Rumley, 1965), 0.19 for the Hima-
layas (Dhar and Rakhecha, 1980) and 0.30 for Western
Colorado (Linsley et al., 1958). This low correlation
was not unexpected because there are additional im-
portant factors like. slope, orientation and large-scale
effects. In fact, one should expect maximum precipi-
tation at some elevation, as explained by Burns (1953).
The maximum is the combined result of two opposing
effects; one is due to the enhanced moisture conden-
sation as the barrier height increases and the other is
due to the exponential reduction in the quantity of
available moisture with increasing elevation.

Spreen (1947) studied the orographic influences
upon seasonal precipitation by defining five topo-
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graphic factors: elevation, slope, rise, orientation and
exposure. He was able to show that in western Colorado
the five parameters together accounted for 85 percent
of the precipitation while elevation alone accounted
for only about 30 percent of the variation in the pre-
cipitation. Similar results were found by Burns (1953)
in discussing the small-scale topographic effects in the
San Gabriel Mountains in California.

In this study, we shall concentrate on the mesoscale
indexing of the distribution of orographic precipitation
rates. The detailed air flow over the mountain and the
cloud microphysics are not included in our model, but
the precipitation rate estimates are based on the as-
sumption that orographic precipitation approximately
equals the convergence of moisture in the mountainous
boundary layer. Results are compared with some in-
tense rainfall case studies from Colton (1976).

Special attention is given to the elevation of maxi-
mum precipitation and the factors that determine this
height. The elevation of maximum precipitation is
about 1 km in the western Andes of Equador (see
Rumley, 1965), but between 1 and 2 km in the Sierra
Nevada Mountains in California. At the central Hima-
layas, Dhar and Rakhecha (1980) show that the ele-
vation and rainfall can best be related by a fourth-
degree polynomial and that the rainfall elevation pro-
files show two zones of maximum rainfall, one near
the foothills and the other at an elevation of 2.0 to 2.4
km. In section 3 the aforementioned distributions are
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discussed in light of the theory presented in section 2,
The possible existence of a third maxima over the Great
Himalayan Range (at ~4 km) is also described.

2. Theory
a. Basic equation

From tropical observations by Cho and Ogura (1974)
there is an approximate equality between vertical
moisture flux through deep clouds and low-level mois-
ture convergence. This was found also during GATE
(1980), and Stevens and Lindzen (1978) adopted such
a relation for the study of the tropical Wave-CISK.
The precipitation rate could then be well approximated
by

Ho

==, Vu(pgV)dz + E, ()
where P and E represent precipitation rate and evap-
oration for a column with unit horizontal area, H, is
the top of the moist layer, g and V are specific humidity
and horizontal velocity. The equality expressed by (1)
assumes that no storage of moisture occurs and this is
not always true. On substitution from the approximate
continuity equation

V- (pV) = —d(pW)/0z, (2)
one obtains
Ho
P=—g j(; - a(:;—zW) dz+ E
~ pq[—(Vy+V)Ho] + E, 3)

where g, p are the vertically averaged specific humidity
and air density for the moist layer, and —(Vy - V)H, is
the total convergence into the column up to its top
Ho, i.e.,

Ho

- VH' Vdz.
0

The total convergence is then decomposed into that
ascribed to the orographic effect and that to large-scale
causes. For estimation purposes, the column integral
is evaluated first from the mountain surface to moun-
taintop level (designated 6z). This integral yields in two
dimensions (x, z), a velocity convergence of u(3Z,/9x),
where Z; represents the terrain contours. This is illus-
trated in the dimensions (x, z) as

%2 Ju du oz

| 6xdz ~ T 6z uax V-VZ,,
where u is the horizontal speed and 8z is the elevation
of the horizontal surface at mountaintop. This hori-
zontal convergence due to topography is referred to
(particularly in large-scale dynamics) as the lower
boundary condition for the vertical velocity, which is
expressed through the continuity equation as follows:

I'V(O) = Vs * VZS!
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e.g., see Haltiner and Williams (1980, p. 209). The up-
per integral is the contribution of horizontal conver-
gence that might well be the result of large-scale dy-
namics and will therefore be denoted by W,. Conse-
quently,

Ho 174
- (Vg V)dz = ~(Vyg-V)Hy = — A (Vy-V)dz
0

H
—f 0(VH-V)aVz=V-VZs+ w, 4)
8z

where W, is the large-scale (synoptic) contribution to
the vertical velocity. On substitution of (4) into (3) one
gets

P~ p§(V-VZ,+ W) + E. (5)

Later we will assume for simplicity mountain unifor-
mity in the y direction, or udZ,/dx will replace V- VZ,,
and a constant synoptically induced vertical velocity,
W,. We presume that the latter assumption cannot be
easily justified as the large-scale systems and their in-
duced vertical velocities are probably modified by the
mountain. But the typical horizontal scale for such
modifications is in general larger than that associated
with the mesoscale effect of the mountain slope, and
only this smaller scale effect is of our interest in this
study. Another implicit assumption in (5) is that a sim-
ilar moist layer depth can be taken for the whole
mountainous region which is being considered. It will
be shown that the contribution due to evaporation is
relatively small. If u is assumed constant one gets from
(5) that two main factors determine the distribution of
precipitation over the mountain: the uplift induced by
the local slope, and the decrease of moisture avail-
ability, pg, with height. Although this precipitation for-
mula is highly simplified, one may consider it for in-
dexing the geographic distribution of the precipitation
of a given mountainous region as it will later be illus-
trated. Furthermore, as (5) does not contain any ad-
vective effects, we adopt a summation procedure that
simulates moisture advection. Examples of such sum-
mation are given in section 3, where simulated results
are compared with real observations.

b." The elevation of maximum precipitation

One of the most interesting questions with regard to
orographic precipitation is the height of the mountain
at which the maximum precipitation occurs. It was
well known that such a maximum exists for high
mountains, and the physical causes for this were well
explained by Burns (1953). Points of maximum pre-
cipitation were reported by Dhar and Rakhecha (1980,
p. 260) at an elevation of 2.0 to 2.4 km for the monsoon
precipitation at the Himalayas, by Rumley (1965, p.
61) at an elevation of about 1.0 km for the mean annual
rainfall at the western slopes of the Andes, by Colton
(1976) at the elevation ranging from 1.0 to 2.0 km for
some case studies (typically for periods of a day or two)
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at the Sierra Nevada Mountains. Linsley et al. (1949)
report the height of 1.5 km for the maximum mean
annual rainfall over the Sierra Nevada Mountains. The
exact elevation of the maximum precipitation seems
to be of special importance in hydrological studies. Of
course, one should be aware of the fact that although
orographic precipitation is generally the predominant
type in mountainous terrain, it happens that due to
effects of convection and some dry-layer presence the
maximum precipitation may differ somewhat from the
maximum precipitation rate that is being estimated by
the present model. We shall now derive an analytical
expression to estimate the elevation of maximum pre-
cipitation. Equation (5) could be rewritten as

0Z, '
P= eres(Zs)[IZ'a—x- + W1]/[RT(Zs)]

+ C(1 = nNite(Z,)/L, -(6)
where we have substituted the following relations:

g ~ ee,/p, where ¢~ 0.622

p = p/RT

A )
E = C(e; — ei/L

r=e;fles

The expressions ¢, and e, are the air vapor pressure
and the saturated surface vapor pressure, respectively;
C is an empirical constant,' R is the gas constant for
dry air, and p is the air pressure. The variability of the
gas constant with moisture in (7) was ignored, as it
could be shown to be of the order of less than 5-10
percent. The saturated surface vapor pressure ¢; may
be expressed in terms of temperature at the elevation
Z, using the Clausius-Clapeyron equation (sce e.g.,
Hess, 1959),

m,L, T(Z»—T(b)] ©
BT TZ) |

Here, ¢,(0) is the saturated surface vapor pressure in
temperature 7(0), m, is the molecular weight of water,
L is the latent heat of condensation, and R* the uni-
versal gas constant. In order to find the elevation of
maximum precipitation, (6) is differentiated with re-
spect to x [Z,(x) represents mountain shape], and set
equal to zero. On the assumption that 7{Z,) decreases
with elevation by a constant lapse-rate I' one gets

e(Z) ~ es(o) exl)[

6223 s
(K/T) S22 + [ak, + K@/ T + /T3] 2
X ox

aZ,
Ox

2
+ Ky(a/T + I‘/TZ)( ) ~0, (9

! See for example, Ramage et al. (1972), who have used C = 5.17
(cal cm~2 d~")/(mb m s™!).
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where

a= —(LCF)_/(RvT(O)T) ~ —(LI)/(R,TH0))
T=1TZy)
R, = R*/m,. (10)

The three constants K, K, and Kj; represent the con-
tributions due to the slope-induced uplift, evaporation,
and large-scale uplift respectively and are given by

K, = erue,(0)/R
K; = ((1 — nues(0)/L
K5 = erWie(0)/R

(11

it

i

The latent heat of condensation L and the relative hu-
midity r were taken to be independent of height. To
estimate the contribution due to evaporation relative
to the “synoptic” contribution, we calculate the ratio
7 of [K3(a/T)] to [a - K3] to be [see (9)]:

. r W L
a1-nn u

,
(1 — r) €.
(12)

It is reasonable to assume that the ratio of the large-
scale uplift velocity to the horizontal wind impinging
on the mountain, i.e., W;/i is of the order of 1072
-1073. Therefore, n > 1 if the air is not too dry (i.e.,
relative humidity r > 0.85). This assumption is a fairly -
good one in mountainous regions, particularly during
periods of rain. Thus, the evaporation contribution to
the precipitation will be neglected. This is equivalent
to the assumption r = 1 or K; = 0. The large-scale
contribution represented by the vertical velocity W, or
equivalently by K3 will be shown later to have only a
secondary effect. Taking K3 = 0 and K, = 0, (9) reduces

W,
1.2 X 10> —.-
U

to ,
2
oF) -5 W
where
Q=a+TI/T~ {1 - L/IRTONIT/T. (14)
For 7(0) = 300 K,
Q~ —17T1T =~ —10.061‘. (15)

Equation (13) defines an elevation for which we might
expect the maximum precipitation.

¢. An example: A bell-shaped mountain

In order to assess the implication of the aforemen-
tioned relation, let us assume a bell-shaped mountain
with a height H and half-width b, i.e.,

Z.(x) = HV*/(x* + bP). (16)
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The substitution of (16) into (13) results in a fourth-
order equation for x,,—the x value for which maxi-
mum precipitation is obtained—as follows.

3x," + 26%(1 + QH)x,? — b* = 0. 17

By assuming that Q is approximately constant [see (15)]
the solution is given by

Xm = % -Vb—§- F, (18a)
Z,, = 3H/(F? + 3), (18b)

and
F=1[(4+20QH + Q*H»'? — (1 + QH)]'*. (18¢c)

In the unrealistic case of Q =~ 0, i.e., an isothermic
atmosphere (I' =~ 0), one gets F = 1, yielding (x,,., Z)
= (b/V3, 0.75H). The latter point is exactly where the
bell-shaped mountain gets its maximum slope. This
result is not unexpected, since the precipitation was
assumed to be proportional to the slope of the moun-
tain, and in this case the atmosphere is isothermic and
saturated at all levels (r = 1). As the lapse rate increases
or as the top height of the bell-shaped mountain, H,
increases QH ~ —0.06T - H yields an F-value larger
than 1. For example, if I' = T, the saturated lapse rate,
and H = 5 km, one gets from (15) that

QOH =~ —0.06T;H ~ —1.95;
Iy ~ 6.5°C km™! (for p = 1000 mb and T = 0°C),

and from (18c), (18b) F ~ 1.71 yielding an elevation
of 2.53 km for the maximum precipitation. Table 1
lists the elevations for which maximum precipitation
is attained for a bell-shaped mountain of H = 5 km
and b = 100Y3 km (values that fit the Himalayas). For
the exact derivation according to the real shape of the
mountain see the next section. The values of x,, and
z,, are calculated for some values of T'; ranging between
0 and T'; = g/C,—the dry adiabatic lapse rate—where
C, is the specific heat of dry air at constant pressure,
and g is the gravity acceleration.

We conclude that the maximum precipitation is ob-
tained not above the steepest slope but rather shifted
toward lower elevations. This shift becomes larger as
|—QH)| increases. The reason for this is the following:
as I increases the availability of moisture decreases
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of maximum precipitation goes down. The increase of
the mountain height has a similar effect above the hor-
izontal shift if we keep I' constant. Here, the higher
the mountain is, the higher the point where the max-
imum is obtained, but if the mountain’s aspect ratio
H/b is kept constant, the elevation of maximum pre-
cipitation remains at the same point and the horizontal
shift x,, is changing accordingly. Figure 1 shows the
change of the normalized precipitation with height in
the above example for three values of I', T' = 2, 6.5
and 10°C km™!. These results illustrate how the ele-
vation of maximum precipitation, z,,, and the amounts
of precipitation are strongly reduced as the lapse rate
T increases. The predicted elevation of 2.5 km for the
maximum precipitation in the above example is in
general agreement with the result of Dhar and Rak-
hecha (1980), which is 2.0-2.4 km at the Himalayas.
The values of H = 5 km, b = 100V3 km (in the table)
and T' = 6.5°C km ™! were chosen to fit the Himalayan
data in the above study. Similar results would apply
to the Sierra Nevada and the Andes.

Another interesting question one may ask is whether
there is an upper limit to z,, (elevation of maximum
precipitation) as the mountain height increases indef-
initely, and if it exists, what determines such a limit.
On substituting (18¢) into (18b) and taking the limit
H — oo one obtains

max(z,,) = 3H/(F? + 3)— —1.5/Q. (19)
H—o
Referring to (14), Q is estimated by
L r
A — ——— e 20
0 RI0) T (20)
which on substitution to (19) yields
_L5SR,I0) T
max(z,,) = T L 21
Ifwelet T = T ~ 270 K then:
max(z,,)
00, r=0
mgy Cp -
= 1.5h—z- T~23km, T'=T,;=g/C,
~3.8 km, =T~ 65°Ckm™!

rapidly with elevation, and consequently the elevation (22)
TABLE 1. The points (x,,, z,) for which the maximum precipitation is obtained for a bell-shaped mountain
of H=5kmand b = 100¥3 km.
I (°*Ckm™)
0 1.3 26 39 5.2 6.5 7.8 9.8

—-QH 0 0.39 0.78 1.17 1.56 1.95 2.34 2.94
F 1 1.11 1.24 1.38 1.54 1.71 1.88 2.13
Xm (km) 100 111 124 138 154 174 188 213

Z,, (km) 3.75 3.6 33 3.1 2.8 2.5 2.3 1.98
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FIG. 1. The predicted normalized precipitation rates for three lapse
rates: T' = 2, 6.5 and 10°C km™' plotted with crosses, asterisks and
a solid curve, respectively. The heavy solid curve is the bell-shaped
mountain with the height H = 5 km and half-width b = 20 km. The

rates of precipitation are normalized by the maximum precipitation
with I' = 2°C km™,

where & = RT(0)/g is the scale height of the atmosphere
and my is the molecular weight of dry air. Equation
(22) presents an upper limit of about 3.8 km to the
elevation of the maximum precipitation for realistic

lapse rates, regardless of mountain height or slope..

Clearly this upper limit is a direct consequence of the
severe reduction with height of the moisture availabil-
ity, due to the cooling of the air, as expressed by the
Clausius-Clapeyron equation. Figure 2 illustrates the
upper limit for z,, which is independent of the moun-
tain height or of its slopes and is solely a function of
the atmospheric lapse rate. For example, for I = 6.5°C
km~! and H = 50 km, z, reaches the value of
3.58 km.

In the foregoing discussion it was assumed that the
relative humidity is constant with height and the re-
duction in the absolute humidity with height is due to
the cooler air aloft. However, vertical profiles of hu-
midity at the tropics indicate a nearly constant specific
humidity g(0) through the boundary layer up to the
* level of the trade inversion Hp, above which it decreases
very rapidly with height to a small value (e.g., see Aug-
stein et al., 1974).

Therefore, let us assume that,

B {q(O),
[4(0) -
and that the density is determined by the constant lapse
rate T (as in the polytropic atmosphere), i.e.,

p = p(O)[T/TO)/™0". (24)

Here we have tacitly assumed that the moisture struc-
ture over the tropical mountains is basically the same
as over the ocean and the leveled terrain. The lapse
rates I" and I', stand for the temperature lapse-rate and

Z, < Hy .

23
Z,> H, ( )

T(Z, — Ho),
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for the specific humidity lapse-rate (above the inver-
sion), respectively.

On substitution of (23) and (24) into (5), differen-
tiating with respect to x and again assuming that ¥,
= 0, E = 0; one obtains (13) for the point of the max-
imum precipitation except with a different Q, i.e.,

1 1 1 25)

In this case max(z,,) for the bell-shaped hlgh mountains
(H — o) followmg (19) yields,

1 1 1
max(z,,) = ls/(ﬁ_il;-l-h)

where h, hr and h, represent troposphenc scale height
(RT/g), temperature scale height, 7(0)/T", and moisture
scale height, ~¢(0)/T,, respectively. Of course, the
smallest scale height in (26) will determine the height
of the maximum precipitation. A typical value for 4 is
about 8 km and for Ar ~ 40-50 km while 4, in the
tropics is relatively small and may be estimated, fol-
lowing Augstein et al. (1974) as 3-5 km. Taking,

hg<h < hr; h=~2h;= max(z,) = h, ~ 4 km.
(27)

In the extreme case where I'y ~ 0 or h; — o0, i.e., the
specific humidity is constant through the atmosphere,
one obtains

h € hr < hy= max(z,) =~ 1.5h ~ 12km. (28)

Thus, in quite realistic moisture structures of the tropics
there is'an upper limit for the elevation of maximum
precipitation given by the moisture scale height of the
troposphere. But, if there is no reduction of the specific
humidity with height, the tropospheric scale height
bounds z,,.

d. The effect of large-scale uplift (W)

In deriving (13) for the point of maximum precip-
itation, it was assumed for reasons of simplicity that
the synoptic or large-scale contribution to the vertical
velocity, W, may be neglected. Taking nonzero con-
stant W, leads to K; # 0 and (9) becomes
#Z, 9z, azs)2
ax? +(K1Q) ax Q(ax ’
The second term on the left of (29) is new as compared
to (13). From (11),

K w

=3 = 8Q,

X 0= 7 Q=140
where 8 = W,/ii ~ 1072-1073, For the bell-shaped
mountain, (29) yields for the point x,,, ‘

—80%,> + 3%, — 260%,°
+ 26%(1 + QH)x,,2 — 6Qb*x, — b* = 0,

(26)

(29)

(30)

€2
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FIG. 2. The elevation of maximum precipitation, z,,, as a function of the bell-shaped moun-
tain height H for three lapse rates: I' = 2, 6.5 and 10°C km™. The calculated points are
plotted with open circles, triangles and closed circles, respectively.

which reduces to (17) for 6 = 0. To solve (31) we have
to estimate 6 or W, (if i is known). This could be done
through the same formula for precipitation when ap-
plied to a nearly leveled area upstream whose average
precipitation Py is given. On substitution of 9Z,/dx
= 0 and P, into (6) one gets

W= (Po — E)RT(0)/[ere(0)] =~ PoRT(0)/[ere,(0)].
‘ (32)

For the Himalayan case where the yearly averaged pre-
cipitation P, is ~ 100 cm yr~!, see Dhar and Rakhecha
(1980), (32) yields an annual-averaged vertical velocity
of Wy~ 0.1 cms.

Equation (31) was numerically solved for different
values of W,. Table 2 summarizes the results for a
mountain of H = 5 km and b = 60 km. The lapse rate
in these simulations was I" = 6.5°C km™! and the mean
horizontal wind was 5 m s™!.

From Table 2 we learn that within a plausible range

of W, the effect of the synoptic uplift is relatively small.
A large increase of W, yields only a small increase of
the point of maximum precipitation, z,,.

3. Theory verification by observations

a. Numerical aspects

In this section, (6) is solved for the precipitation,

P(Z,) as a function of the mountain height, Z, at spe-

TABLE 2. The points (x,,, z,) of maximum precipitation as cal-
culated from (31) for six different values of the large-scale uplift. In
this calculation: H = 5km, b =60km, ' = 6.5°Ckm™'and 1 = 5
msh

Wi (cm s™")
0 0.1 0.5 1 2 5
Xm 606 60.4 59.8 59.1 57.6 53.6
Zm 247 2.48 2.51 2.53 2.60 2.78
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cific sites where it is assumed that the relative humidity,
r, is 1 at all levels; the lapse rate, I' is 6.5°C km™'; and
the large-scale uplift, W, is zero. Clearly, the observed
x-derivative of the mountain’s profile, 0Z,/dx, has
strong microscale perturbations (order of less than
about 5 km) that we wanted to avoid. This was achieved
by a cubic-spline interpolation between the measured
points (17 for the Himalayas and Sierra Nevada with
a grid distance of Ax =~ 8 km and 22 points with Ax
= 14 km for the Equadorian Andes). Two additional
points were added between any two of the aforemen-
tioned measured points Z,(x;). The derivative 3Z,/dx
was calculated by a centered difference scheme. Neg-
ative precipitation values that resulted in negative
slopes were set to zero. The model ran in about a third
of a second on the CDC 855 at Tel Aviv University.

One of the important processes that was neglected
in the formula for precipitation is the advection effect.
Clearly, (6) defines a value of precipitation that is solely
determined by the local conditions (slope and eleva-
tion). In order to account for the precipitation by the
upwind clouds that are advected by the horizontal wind
u the local rainfall value, P, was recalculated by

1 N
W iPi’
HO,E(:)

Py (33)

where

N
Wy = 2 W
i=0

W, = expl—(x; — x0)*/25°]

o=1u-t, t— time scale

For N we have found that 10 was sufficient for the
following experiments, but close to the boundary N
was accordingly reduced. According to (33) the pre-
cipitation Py at any point is determined by the sum of
the weighted precipitations upstream. The weight
function W; was chosen to be a normal distribution
with a standard devation o that is proportional to the
advective velocity & multiplied by the lifetime-scale ¢
of the precipitating cloud. This lifetime was assumed
to be half an hour (e.g., see Mason, 1971, p. 282). The
Gaussian distribution was preferred since it gives the
heavier weight to the neighboring upstream points and
a strongly diminished weight to the further points. This
is believed to reflect a more realistic situation than, for

JOURNAL OF CLIMATE AND APPLIED METEOROLOGY

VOLUME 25

example, a linear weight function. In any case, the ad-
vection was included primarily for smoothing as is dis-
cussed later in section 3c.

b. The Sierra Nevada simulation

The following simulations are based upon case stud-
ies by Colton (1976). He studied the orographically
induced precipitation distribution in the central Sierra
Nevada Mountains in California, for four fairly strong
stormy events. As stated by Colton, the events simu-
lated fit (at least crudely) the criteria that must be met
by the model. That is, the synoptic-scale flow pattern
is predominantly westerly (at nearly right angles to the
mountain barrier) and remains quasi-steady for some
period of time.

Clearly, these criteria also meet the demands of our
formula for precipitation in its two-dimensional form;
see Eq. (6). The inflow profiles of the wind, tempera-
tures and humidities for the initialization of the model
were given in Figs. 3 and 4 in Colton (1976, p. 1246).
For the application of our formula, the average bound-
ary layer inflow wind # was chosen to be the wind
intensity at the height of 1000 m. As the lapse rate in
all events was approximately 6.5°C km™!, the only ad-
ditional value we needed was the temperature at the
surface, 7(0). Table 3 lists the derived values of & and
7(0) for the four simulations. The dates and periods
of the four events are also indicated.

It will be shown later that the model is quite sensitive
both to # and 7(0). The results for simulation 1 from
Colton’s model and from our formula are shown in
Figs. 3a and 3b, respectively. Notice that the dashed
line is the model terrain and the solid curve is the
model-simulated precipitation rates in Colton (i.e. Fig.
3a), while in Fig. 3b the curve notation is just the op-
posite. Observed rates during that period for available
stations are also plotted on the same figures as given
by Colton. The predicted precipitation rates that were
calculated by (6) and then “advected” through (33),
were multiplied by a constant factor of 0.45 for com-
parison with the observations. This adjustment factor
was kept constant through all the subsequent simula-
tions. We believe that this factor represents the inter-
mittency of the rain-producing processes which leads
to a considerable reduction in the average rain inten-
sities when they are averaged over relatively long pe-

TABLE 3. Values of the average horizontal wind, #, and the surface temperature 7{0) that have been used as the input parameters for

calculation of the precipitation for the four simulations by Colton

(1976). The dates and periods of the simulations are also indicated.

Simulation
i 2 3 4
Date and period 21-22 Dec 1964 21-22 Dec 1955 19-21 Jan 1969 20~-21 Dec 1970
U(ms™) 20 25 12 11
F1(1)).4 289 288 286 290
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FIG. 3a. From Colton (1976, Fig. 7). Model simulated rates (solid curve) for simulation 1. Observed rates are plotted as dots.. Letters near
dots identify the observing station. The latter are listed in Colton (1976, Table 1). Dashed line is the model terrain of the Sierra Nevada

mountains.

riods as compared, for example, with the lifetime of a
cloud. Figures 3a and 3b illustrate that the region of
heaviest precipitation is almost correctly positioned.
The height of maximum precipitation z,, is about 1.8
km, both in the model and observations. The sharp
decrease at the lee of the mountain (points K, G and
D) is also well simulated. But contrary to Colton’s re-
sult, the downhill precipitation is larger in our predic-
tion as compared to the observations, i.e., points L, I,
E and F. Keeping in mind that our results are based

Figs. 6a and 6b, the precipitation rates are slightly
higher than those for the previous event, but the Colton
model results, as well as our results, underestimate this
increase of rainfall. It is interesting to notice that the
basic deficiencies as well as the basic prediction abilities
emerge in our prediction as in the Colton model results.
This relatively large success of the precipitation formula

6 — - 3.0
on a very simple formula, which totally neglects the L -
evolving dynamics of the flow over the mountain and st — 2.5
the detailed vertical profiles of the inflow, it is rather - . =
surprising to find that the above formula succeeds in -4l P f B 2.0N
predicting the basic features of the distribution. - - €0, 7 . 3
In the second simulation, Figs. 4a and 4b, the average p -3 y 1 E h o
wind is stronger and there is an increase in the amount u v F N WK 7
of precipitation. The elevation of maximum precipi- 2 ’* Go -0
tation z,, raises to about 1.9-2 km in accordance with -, o ]
. . . . . 1 \ — 5
the observations. Again, there are excessive precipita- N N i
tion rates which are particularly noticed in our predic- ok [ DR RS T I P 0.0

tion (see points E, O, F, Q in Fig. 4b). Figures 5a and
5b show the results for the third simulation. The pre-
cipitation rates are considerably less here than during
the previous two simulations. The overall precipitation
simulation is in reasonably good agreement with the
observations. In the fourth simulation, indicated in

23. 46. 69. 92. i15. 138.
DISTANCE (KM)
F1G. 3b. The precipitation rates in inches/hour by (6) and (33) for
the first simulation. Dashed line is for precipitation and solid line is

for the model terrain. Observed rates are plotted as in Fig. 3(a) by
dots.
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FIG. 4a. As in Fig. 3(a) but for simulation 2.

was unexpected, and is attributed to the fact that the
basic physical processes were fairly well approximated.
In particular, the slope-induced vertical velocities and
the reduction in moisture availability with height due
to the cooler air above seem to represent the two basic
physical factors that dominate the distribution of pre-
cipitation over high mountains.

Before turning to the next simulation we would like
to point out the large effect of the surface temperature
T1(0), on the amounts of precipitation. Figure 7 repeats
the third simulation but with surface temperature in-
creased by 4 K. Instead of T(0) = 286 K the input is
290 K; the same temperature as in the fourth simula-
tion. As is expected, the precipitation rates are signif-
icantly higher with the higher temperatures. This ex-
plains the higher precipitation in the fourth simulation
relative to the third one, although the horizontal ve-
locity # is even slightly lower in the fourth simulation.
It is the Clausius-Clapeyron equation that determines
the increased ratio of the precipitation. If the temper-
ature T increases by AT, the ratio of the enhanced
precipitation P,, to the precipitation with the temper-
ature 7, P,, may be approximated by,

L. AT
P,/P, ~ exp[ T 0)'7] . (34)

On the substitution of the values AT = 4 K, T'= 300
K, L:/(R,T(0)) ~ 19, one finds this ratio to be 1.28.

This ratio is in accordance with the precipitation rates
presented by Fig. 7.

¢. The Himalayan simulation

Dhar and Rakhecha (1980) studied the relationships
between the mean monsoon rainfall and the elevation
in the central Himalayan region. They have shown
several important features. First, that a linear relation-
ship between elevation and monsoon rainfall does not
exist. Also, elevation and rainfall can best be related

11S. 138.

0. 23. 46.  69.  92.
DISTANCE (KM)

FIG. 4b. As in Fig. 3(b) but for simulation 2.
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FIG. 5a. As in Fig. 3(a) but for simulation 3.

by a polynomial of the fourth degree, and that rainfall-
elevation profiles show two zones of maximum rainfall,
one near the foothills and the other at an elevation of
2.0-2.4 km. The mean elevation profiles of precipita-
tion for two cross-sections of the Himalayas are shown
in Fig. 8, which is Fig. 16.4 in Dhar and Rakhecha
(1980, p. 260). The figures clearly show the three major
parallel ranges of the Himalayas: the Siwalik, the Lesser
and the Great Himalayas. The data is based upon about
50 rainfall stations. Only four of the stations were lo-
cated above the elevation of 2500 meters.

The curves presented by Fig. 8 indicate the two zones
of maximum rainfall—at the foothills and at an ele-
vation of 2.0-2.4 km. The first zone of minimum rain-
fall is located at an elevation of about 0.6-0.8 km. Fig-
ure 9a depicts the predicted distribution of the nor-
malized precipitation according to (6) and (33). The

"ground profile of the western cross section of the Hi-
malayas (Kosi West) was chosen for the simulation.
Based upon the average monsoonal wind data by
Findlater (1980), for the height of 1 km, we assumed
i ~ 10 m s™'. The surface temperature at the sea level
height 7(0) was 300 K, while the other parameters were
left as in the previous experiments. If one neglects the
secondary minima at about 1.6 km, one finds that the
locations of the first two maxima agree with the ob-
servations. One is at the foothills of the Himalayas and
the other maxima is at the elevation of 1.5-2.2 km
depending on the way in which the smoothing of the

secondary minima is performed (see the resulting dot-
ted line in Fig. 9a). The first minima of precipitation
is predicted at the height of about 0.55 km and this is
in agreement with the elevation of the observed min-
ima—~0.6 to 0.8 km. The maximum precipitation rate
near the origin is the result of the steep slope right at
the foothills, as may be noticed in Fig. 8.

The most interesting result of the rainfall distribution
is the third maxima, at the elevation of about 4 km.
This maxima, if it exists, couldn’t be observed because
no rainfall stations were located at the Great Himalayan
range at elevations above 3200 m. This unobserved

23.

115, 138.
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FIG. 5b. As in Fig. 3(b) but for simulation 3.
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FIG. 6a. As in Fig. 3(a) but for simulation 4.

maximum is weaker in relation to the other maxima.
But, even the increase of precipitation toward this
maxima at elevations above 2.2 km (over the great
Himalayan Range) is impossible to detect in the ob-
servations, as only few stations were reporting above
that level of 2.2 km.' The answer to the question of
whether such a maximum really exists depends cru-
cially upon the temperature and moisture profiles. The
assumption of a saturated troposphere (i.e., r = 1),

6= — 3.0
Sp— -1 2.5
.4t— 2.0 N
L >
p -3 152
L2— 1.0
.1L— \ .5
. D -
-.0 | I i 1 | I\ 0.0
-0. 23. 46 . 69. 92. 15, 138.
DISTANCE (KM)

FIG. 6b. As in Fig. 3(b) but for simulation 4.

which is realistic through the precipitating lower tro-
posphere above the mountain, may not be quite so
when reaching the higher levels. Following our esti-
mation of max(z,,) for the bell-shaped mountain by
(27), the elevation of maximum precipitation (i.e., z,,)
cannot exceed the moisture scale height, 4,. Taking A,
~ 4 km, we conclude that the third maxima over the

{wi)z

N D
B XN
! H ! !

Nl
11s.

0.
138.

23. 46. 69. 92.
DISTANCE (KM)
FIG. 7. As in Fig. 5(b) but with an additional dashed line for the

precipitation rates where the surface temperature 7\0) is equal 290°
K. The dashed-dotted line is for 770) = 286°K.
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Himalayas (at Z; ~ 4 km) is just about at the upper
realistic limit for the maximum precipitation. There-
fore, if such a maximum exists its intensity might be
even weaker than that predicted by Fig. 9a.

Figure 9b repeats the Himalayan experiment with a
reduced horizontal wind of 7 =~ 5 m s™!. Consequently
the absolute precipitation rates are reduced by half but
the changes we may notice in the normalized precip-
itation values are solely due to the weaker advection
[see (33)]. The minima and maxima points are more
pronounced and somewhat shifted to the west (i.e., to-
ward lower elevations). A similar result could also be
obtained by cutting the time scale of the precipitating
cloud by half, to 900 s. In both cases the advection
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FIG. 9a. The normalized precipitation rates (dashed line) over the
Himalayas. Kosi West, by (6) and (33). The solid line is the model
terrain, see Fig. 8. The horizontal wind # = 10 m s™', For the other
parameters see text. The dotted curve indicates the approximation
for comparison with the observations. Location of extrema above
the mountain is found by following the extreme ordinate to the model
terrain and then refer to the mountain height on the right scale.
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process is reduced due to the smaller standard deviation
o of the weight function. The effect of enhancing the
advection is illustrated in Fig. 9c where the lifetime ¢
of the precipitating cloud is doubled to one hour. The
precipitation profile is strongly smoothed, as is noticed
by the reduction in the extreme points on the curve.
Figures 9a-c illustrate the advection effects, from which
the most prominent is the smoothing of the curve. The
result of completely ignoring the advection enhances
the extrema. For example, the negative slopes yield
zero precipitation even though the upstream neigh-
boring points may attain high rainfall intensities. Ev-
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RG. 9¢. Same as Fig. 9(a) except for ¢ = 3600 s.
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idently, the inclusion of advection prevents such a sit-
uation and does so in a physically meaningful manner.
This is not, however, fulfilled in Fig. 9b where the pre-
cipitation goes to zero at near 88 km, because of the
weaker advective effect as compared to the cases in
Figs. 9a and 9c.

d. The Andes simulation

We have also simulated the distribution of annual
precipitation over the Equadorian Andes based upon
cross sections and precipitation data from Rumley
(1965). Figure 10 presents the predicted normalized
annual precipitation for Rumley’s cross section 4 from
Manta to Puyo, Equador. The main maxima indicated
by this study is at approximately 2.7 km but only the
secondary maxima at about 1 km was detected by
Rumley (1965). Again, as in the Himalayas the pre-
dicted maxima at near 195 km (height of ~2.7 km) is
impossible to detect in the observations due to lack of
high elevation data. It is impossible to do any beneficial
comparison with the observations as only one or two
stations were available above the main slope for each
of the cross sections being discussed by Rumley. The
normalized observed precipitation at the four points
reported by Rumley are also indicated in Fig. 10. The
precipitation values given by Rumley were normalized
by the maximum of 3344 mm. The fit to the data is
rather poor for this case and it is-believed to be the
result of the major nonorographic contribution to the
precipitation at the pertinent stations (e.g., see stations
10, 11 and even 12 in Fig. 10).
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F1G. 10. Normalized precipitation (dashed line) over the Andes.
The solid line is a cross section of the Andes from Manta to Puyo in
Equador. The observed normalized rates at four points are indicated
-by the numbers 10 to 13. Data for the cross section and precipitation
is according to Rumley (1965, p. 46).
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4. Summary and conclusions

The main conclusion from this study is that the dis-
tribution of orographic precipitation over mountains
could be well approximated by the convergence of
moisture through the boundary layer

PG (=Yg V)H,,

where this convergence is derived from the local slope.
The simulated distributions of the precipitation over

mountains were compared with observations and were

found in good agreement both on the basis of annual
averages and on the basis of single storms. The latter

results are for the four simulations that were reported

by Colton (1976) over the Sierra Nevada Mountains

in California, i.e., comparable results were obtained to
those from a numerical model employing seven con-

servation equations. The fairly good agreement suggests

that the most important physical factors in determining

the rainfall distribution are the reduction in moisture

availability at higher altitudes due to the cooler air and .
the water vapor convergence induced by the local slope.

However, we had to introduce a constant scale factor

of 0.45 for comparison with the actual precipitation

rates. This was not unexpected because one of our

model’s basic assumptions is a precipitation efficiency

of 100 percent, which is at least three to four times

larger than the realistic value (see, e.g., Rogers, 1976,
stating the value of 19%). The contribution to the rain-

fall rate distribution by evaporation was found to be

very minor.

Items of note from analyses performed include that
for a bell-shaped mountain, the elevation of maximum
precipitation z,, is determined mainly by the atmo-
spheric lapse rate and the height of the mountain. As
the lapse-rate increases, z,, decreases. The maximum
precipitation rate is in general shifted downward from
the point with the steepest slope. The higher the moun-
tain, the higher the elevation of maximum prccipita-
tion, unless the aspect ratio H/b is kept constant, in
which case z,, does not change.

Another interesting result is the existence of an upper
limit for the elevation of maximum precipitation in
the nonisothermic atmosphere. Given the assumptions
employed herein, this upper limit, max(z,,), is inde-
pendent of the slope, or of the height of the mountain,
and for a saturated atmosphere with a realistic lapse-
rate of T'; = 6.5°C km™!, the value of this upper limit
is given by ~3.8 km. In the case where the specific
humidity could be assumed constant through the
boundary layer and is reduced above it through a lapse
rate T'y, one finds that max(z,,) is determined by the
smallest of the moisture scale height and the tropo-
spheric scale height. The effect of a constant large-scale
uplifting W, on the elevation of maximum precipi- .
tation was found small.

The model appears to yield useful results for the
distribution of precipitation rate over mountains. It is
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possible that particularly for 4igh mountains the de-
tailed microphysical processes are less essential for
realistically modeling the precipitation distributions,
(strictly speaking the model supplies us with the pre-
cipitation rate distributions, but they are approximately
the orographic precipitation distribution). It seems that
for small or medium size hills this is not as much so,
and both microphysical processes as well as the detailed
mesoscale flow play a more significant role as discussed
by Browning (1980). The rainfall rate distribution was
found quite sensitive to the horizontal wind intensity,
surface temperature, temperature lapse rate, and the
specific humidity lapse rate.
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